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ABSTRACT 

We use the fact that geoid anomalies are directly related to the local dipole moment of the density-

depth distribution to help constrain density variations within the lithosphere and the associated tectonic 

stresses. The main challenge with this approach is isolating the upper mantle geoid contribution from 

the full geoid (which is dominated by sources in the lower mantle). We address this issue by using a 

high-pass spherical harmonic filtering of the EGM2008-WGS84 geoid to produce an “upper mantle” 

geoid. The tectonic implications of the upper mantle are discussed in terms of plate tectonics and 

intraplate stresses. We find that globally there is about a 9 meter geoid step associated with the cooling 

oceanic lithosphere that imparts a net force of ~2.5x1012 N/m in the form of “ridge push” – a 

magnitude that is consistent with 1-d models based on first-order density profiles.  Furthermore, we 

find a consistent 6 meter geoid step across passive a continental margin which has the net effect of 

reducing the compressive stresses in the continents due to the ridge force. Furthermore, we use the 

upper mantle geoid to reevaluate the tectonic reference state which previously studies estimated using 

an assumption of Airy-based isostasy.  Our evaluation of the upper mantle geoid confirms the near 

equivalence of the gravitational potential energy of continental lithosphere with an elevation of about 

750 meters and the mid-ocean ridges. This result substantiates early conclusions about the tectonic 

reference state and further supports the prediction that continental regions are expected to be in a 

slightly extensional state of stress.   

 

INTRODUCTION 

Much of Don Anderson’s scientific research addressed how plate tectonics is related to mantle 

convection.  He was a strong advocate of “Top-Down Tectonics” (Anderson, 2001), a system in which 

the tectonic plates organize mantle convection, not vice-versa as is generally advocated in the 

conventional view of plate tectonics (i.e., the lithosphere is simply the surface boundary layer of mantle 

convection).  In this contribution we explore what geodynamic insights can be gleaned from an 

  



evaluation of the upper mantle geoid, which provides information about the density distribution with 

depth.  It is our hope that an examination of the geoid from the “top-down” will provide a perspective 

on the tectonic implications of the upper mantle density distribution – an approach that we feel that 

Don Anderson certainly would have advocated. 

 

Evaluation of the geoid provides a way to understand the distribution of density contrast with depth in 

the Earth. This is a relevant approach for addressing the geodynamics and intraplate stress field given 

the fact that the relationship between the gravitational potential energy (GPE) associated with 

lithospheric density contrasts and the dynamics of lithospheric deformation is well established 

(Artyushkov, 1973; England and Houseman, 1988; Fleitout and Froidevaux, 1982, 1983; Frank, 1972; 

Houseman et al., 1981; Lister, 1975; Molnar and Tapponier, 1978; Ricard et al., 1984) and can be 

related directly to the source of tectonic stresses responsible for sedimentary basin development, 

mountain-building processes, and continental deformation (Naliboff et al., 2009; Naliboff et al., 2011).  

 

Initial studies of lithospheric GPE assumed Airy isostasy to estimate the lithospheric density 

distribution (Coblentz et al., 1994; Coblentz and Sandiford, 1994; Ghosh et al., 2009; Jones et al., 

1999; Jones et al., 1996; Sandiford and Coblentz, 1994; Sandiford and Powell, 1990; Zhou and 

Sandiford, 1992). While this assumption was adequate for establishing the first-order GPE estimates, it 

is clear that assumption of pure-Airy compensation is an over simplification, particularly for the 

continental lithosphere, and it is timely to reevaluate plate-scale estimates of the GPE, using the geoid 

filtered to extract the upper mantle contribution. 

 

It is now clear that a simple relationship does not exist between the surface elevation of continental 

lithosphere and crustal thickness variations, a notion this articulated by a number of recent studies 

Zoback and Mooney (2003) evaluated lithospheric buoyancy and structure and concluded that 
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elevations based on purely crustal buoyancy (i.e., Airy isostasy) often exceed observed elevations. 

Furthermore, their results indicate that the magnitude of the compressive stresses in the continents (due 

to far-field tectonic forces) is generally lower than previously assumed and the potential energy of 

lithospheric roots has a significant influence on the state of stress (generally resulting in more 

compression in cratonic regions).  Seismic tomography studies indicate that the topography of the 

Southern Rocky Mountains has a significant component of dynamic support from the upper mantle 

(Coblentz et al., 2011; Karlstrom et al., 2012). There is a growing body of evidence that Neogene and 

ongoing upper mantle convection is driving surface uplift of the Colorado Plateau region (Crow et al., 

2011; Karlstrom et al., 2008; Karlstrom et al., 2007; Levander et al., 2011; Liu et al., 2011; Liu and 

Gurnis, 2010; Moucha et al., 2009; van Wijk et al., 2010).  Furthermore, it appears that thermal 

expansion is an important mechanism for topographic support of the North American Cordillera 

(Hyndman and Currie, 2011). Simple isostatic arguments show that the assumption Airy compensation 

with pure crustal thickening can significantly underestimate the lithospheric GPE (Sandiford and 

Powell, 1990). It is now recognized that the assumption of Airy isostasy provides an inadequate base to 

estimate GPE and may in fact introduce a significant bias in comparison between continental and 

oceanic realms (Coblentz et al., 2011; Karlstrom et al., 2012), which has important consequences for 

estimates of the global distributions of GPE and the structure and evolution of the continents (e.g., 

Sandiford, 2010). 

 

Here we take the approach of revising the estimate of the plate-scale GPE using harmonic filtering to 

isolate the upper mantle geoid signal from the full geoid field (which, because of the large amplitude 

low order terms is likely dominated by signals originating in the lower mantle). In the absence of direct 

measurement of the geometry and density distribution (which is available only in limited areas), the 

upper mantle geoid provides information about the distribution of density with depth in the lithosphere 

and allows an estimate of the lithospheric GPE. To a good approximation (in the limit of long 

  



wavelength and isostatic compensation), the geoid anomaly caused by density variations above the 

depth of compensation is proportional to both the vertical dipole moment of the mass distribution 

above the depth of compensation (Haxby and Turcotte, 1978), and the lithospheric gravitational 

potential energy: 

 

Δ𝑁𝑁 =  
2𝜋𝜋𝜋𝜋
𝑔𝑔

� 𝑧𝑧Δ𝜌𝜌(𝑧𝑧)𝑑𝑑𝑧𝑧 = 
𝐷𝐷

𝑆𝑆

(2𝜋𝜋𝜋𝜋)𝑈𝑈𝑙𝑙
𝑔𝑔2

                                               (1) 

 

Where ∆N is the geoid anomaly; G, Newton’s gravitational constant; g, the value of gravitational 

acceleration on the reference ellipsoid; D, the depth of compensation (the depth below geoid at which 

pressure becomes equal beneath columns in isostatic balance, or here, where lateral density differences 

cease); S, the surface elevation; z, the depth; ∆ρ(z), the lateral difference in density from a reference 

lithosphere, including crust; and Ul , the GPE of the lithosphere. An important consequence of the direct 

relationship between the GPE and the geoid is that Eqn. 1 provides a way to estimate the GPE without 

assumptions about the compensation mechanism. In particular, using the upper mantle geoid in Eqn. 1 

allows the GPE to be evaluated in elevated continental regions (e.g., the Western U.S.) where simple 

Airy-type compensation is not a valid assumption. 

 

In the analysis below we use the Earth Gravitational Model EGM2008 (Pavlis, et al. 2012), which has 

recently been released by the National Geospatial-Intelligence Agency (NGA) and provides the Earth’s 

gravitational model complete to spherical harmonic degree and order 2159.  We present the upper 

mantle geoid derived from EGM2008 and discuss a number of tectonic implications for the lithospheric 

reference state. 

 

THE EARTH’S GEOID FIELD 
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The geoid is defined as the equipotential surface of the Earth's gravity field that best fits (in a least 

squares sense) the global mean sea level.  As such, the Earth’s geoid is the volumetric integrated mass 

distribution and the geoid alone cannot be used to evaluate lateral density. However, additional (and 

independent) geophysical information can be used to interpret the geoid in terms of the lateral density 

variations in the lithosphere responsible for convection, plate tectonics surface topography, and 

intraplate stresses (Chapman, 1979; Chase, 1979, 1985; Hager, 1983; Kaula, 1967; Vanicek and 

Christou, 1994). One such approach is to use the ratio of the geoid anomaly to topography (at 

wavelengths greater than the flexural wavelength) to estimate the depth of compensation of crustal 

plateaus and the depth of compensation of hot-spot swells (Chase et al., 2002; Coblentz et al., 2011; 

Coblentz et al., 2007; Cserepes et al., 2000; Haxby and Turcotte, 1978; Sandwell and Mackenzie, 1989; 

Sandwell and Renkin, 1988; Watts et al., 2006). 

 

Satellite data are typically used to compute spherical harmonic coefficients 𝐶𝐶𝑛𝑛𝑛𝑛and 𝑆𝑆𝑛𝑛𝑛𝑛 for the 

harmonic expansion of the geoid:  

 

𝑁𝑁(𝜙𝜙,𝜃𝜃) =  
𝜋𝜋𝐺𝐺
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[𝐶𝐶𝑛𝑛𝑛𝑛 cos𝑚𝑚𝜃𝜃 +  𝑆𝑆𝑛𝑛𝑛𝑛 sin𝑚𝑚𝜃𝜃] 𝑃𝑃𝑛𝑛𝑛𝑛 (sin𝜙𝜙)      (2) 

 

Where M and R are the mass and radius of the Earth, respectively; 𝑎𝑎𝑒𝑒 is the Earth’s equatorial radius, 

and 𝑔𝑔𝑜𝑜 is normal gravity acceleration; The arguments 𝜙𝜙 and 𝜃𝜃 are the geocentric co-latitude and 

longitude, respectively, at the location of the calculation; 𝐶𝐶𝑛𝑛𝑛𝑛 and 𝑆𝑆𝑛𝑛𝑛𝑛 are the fully normalized 

spherical harmonic coefficients of degree n and order m, referenced to an ellipsoid Earth; and 𝑃𝑃𝑛𝑛𝑛𝑛 are 

the associated Legendre polynomials (Bowin, 2000b). 

 

The Earth’s geoid height anomaly (relative to WGS 84 Ellipsoid) based on the EGM2008 model 

  



(degree/order up to 2159) is shown in Figure 1a.  This geoid is the height of the geoid above/below the 

chosen reference ellipsoid, so the polar flattening and equatorial bulge (ellipticity) of the geoid doesn’t 

show in (Figure 1a) because this field is the difference between a (near) ellipsoidal geoid and a 

reference ellipsoid (effectively, the J1/J2 terms have been removed from the expansion).  As pointed 

out by Anderson (1982), and others, the geoid anomalies in Figure 1a do not correlated well with the 

present-day tectonic features of the Earth (with the exception of the trenches and hotspots). Most of the 

power in the Earth’s geoid can be explained in terms of lower-mantle structure imaged by seismic 

tomography (Hager et al., 1985; Hager and Richards, 1989; King et al., 1992; King 1995; Mitrovica 

and Forte, 1997; Forte and Mitrovica, 2001), with 75% of the signal produced by degree/order terms 2 

and 3.  It is clear that the Earth’s geoid is dominated by long-wavelength, high-amplitude anomalies 

that arise from deep mantle density heterogeneities (Hager and Richards, 1989), with the source of the 

very long wavelength geoid (degree/order less than 5) thought to be controlled by topographic relief of 

less than 3 km at the core-mantle boundary (Bowin, 1986). Removal of the signal from subducted slabs 

(Chase, 1979; Crough, 1979; Crough and Jurdy, 1980; Kaula, 1967; Hager, 1984) demonstrates that 

this residual geoid is characterized by two dominant mass anomalies in the deep mantle near the core-

mantle boundary (Becker and Boschi, 2002).  Apart from the geoid highs associated with subduction 

zones along the western Pacific Rim, there is little correlation between the geoid and surface features 

such as continents (with the notable exception of the Andes) and mid-ocean ridges (Kaula, 1967). As 

pointed out in previous studies (Vanicek and Christou, 1994) large-scale lithospheric features such as 

the continental land masses and ocean basins are not prominent features in the global geoid field.  We 

also note that Anderson (1982) speculated that many aspects of continental geology (particularly the 

distribution of Cretaceous volcanism) can be related to the insulation properties of the continents as 

they move over more stationary geoid highs. 

 

There are, however, large variations between the geoid values for the ridges, oceanic basins and 
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continental regions for the individual plates.  There is nearly 30 m difference between the continents 

characterized by positive average geoid anomaly (Africa, +16 m and Australia, + 17.4 m) and the 

continents characterized by negative average geoid anomaly (North America, -14 m and Eurasia, -10.4 

m). This large degree of intercontinental variation is characteristic of the long wavelength geoid and far 

exceeds the plausible lithospheric contributions to geoid anomalies (as discussed below, the variation in 

the upper mantle geoid is much less) and therefore reflects deeper mantle contributions.  We further 

note that geoid gradients across individual continents can be significant – for example, geoid variations 

across the continent of Australia are in excess of 30% of the total global geoid range. We note that the 

zero geoid anomalies (designated by the black contour line in Figure 1b) correlate quite well with the 

coastlines of the continents. Thus, while there is general agreement that the geoid is dominated by the 

density structure of subducted slabs and lower mantle structure, our understanding of the contribution 

to the geoid from upper-mantle and lithospheric sources is less complete. 

 

The correlation between the global distribution of hotspots (Anderson and Schramm, 2005) and the full 

geoid field is weak, however, most hotspots are located in regions of positive geoid anomaly (Chase, 

1985; Crough and Jurdy, 1980). The magnitude of the geoid anomaly associated with individual hot 

spots varies greatly (+9 meters for Yellowstone, +20 meters for Hawaii, and +60 meters for Iceland). In 

the residual geoid field used by Crough and Jurdy (1980), this difference is just as large (with residual 

geoid values of ~-15 m for Yellowstone, +40 m for Hawaii, +25 m for Iceland).  In general, however, a 

direct relationship between the long wavelength (complete or residual) geoid and hotspots remains 

ambiguous.  

 

THE UPPER MANTLE GEOID 

Given the dominance of the full geoid field from deep sources in the Earth, an evaluation of the geoid 

signal arising from lithospheric sources would be a more productive way of discerning the relationship 

  



between the geoid (and, by extension, gravitational potential energy) and lithospheric tectonic 

processes. An evaluation of the geoid signal associated with density variations in the upper mantle 

requires the removal of the long wavelength geoid signals arising from sources in the lower mantle. 

Here we generate an “upper mantle geoid” by filtering the spherical harmonic terms used in the 

harmonic expansion of the geoid to extract the geoid signal from the upper-most mantle density 

variations.  We note at the outset of this evaluation that this approach relies on certain assumptions 

about the relationship between the degree and order of the spherical harmonic expansion terms and the 

source depth to separate the upper mantle geoid anomalies from those with deeper sources. To a first-

order, the relationship between the maximum depth of the causative mass anomaly can be expressed as 

a fraction of the Earth’s radius (r), which corresponds to each spherical harmonic degree (𝑛𝑛).  The 

spherical harmonic degree also corresponds to the wavelength (λ) of geoid anomaly features at the 

Earth’s surface such that the source depth (𝑧𝑧𝑛𝑛) for a particular degree/order can be expressed as 

(Bowin, 1983; Featherstone, 1997):  

 

                            𝑧𝑧𝑛𝑛 =  𝑟𝑟𝑟𝑟
(360− 𝑟𝑟)

             where   𝜆𝜆 = 360
𝑛𝑛

  in arc degrees                                     (3) 

Inherent in Equation (3) is the assumption that low degree (long-wavelength) components of the geoid 

originate from deep sources within the Earth and successively shorter wavelengths are added from 

increasingly shallower mass density anomalies. This relationship between depth and spherical 

harmonic degree does not preclude any contribution to the geoid anomaly from shallower sources due 

to the non-uniqueness of the geopotential field inversion. Therefore, Equation (3) only provides an 

upper depth limit of the mass anomaly. The issue of plausible source depths for the geoid remains 

contentious, with some evidence suggesting that long-wavelength geoid anomalies can be explained in 

terms of shallow (e.g., upper mantle and lithospheric) mass variations (Khan, 1977; Lambeck, 1988; 

Mishra and Kumar, 2012), and other studies suggesting that the geoid anomalies are purely depth-
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dependent such that Equation (3) is appropriate for computing the source depth of the density 

variations responsible for the geoid (Allan, 1972; Bowin, 1983; Bowin, 2000a & b). Using this 

approach, the upper mantle geoid was generated by removing spherical harmonic terms of degree less 

than 6 and greater than 355, and applied a one-sided cosine taper to harmonic terms between degree 6 

to 9 and 355 to 360 (Chase et al., 2002; Coblentz et al., 2007). Using Equation (3), this filter removes 

the contribution from harmonic components with spatial wavelengths greater than 3000 km and limits 

the sources of the anomaly to depths less than about 600 km. The filtering used to produce this geoid is 

nearly identical that used by Chase et al. 2002 to produce the “lithospheric” geoid.  Because the source 

depth extends well into the upper mantle, we consider this filtered geoid to be more properly referred to 

as the “upper mantle geoid”. 

 

Whereas there is little correlation between the Earth’s physiographic features and the full geoid, many 

of the Earth’s tectonic features (both continental and oceanic) are evident in the upper mantle geoid 

(Figure 1b).  Qualitatively, there is a strong correlation between elevated continental regions and 

positive upper mantle geoid anomalies, particularly for the western U.S., the Andes, South Africa, and 

the Tibetan Plateau.  Other continental regions have marked upper mantle geoid lows – most notably 

the Congo Basin, the Canadian Shield, and southern Australia.   

 

Evaluation of the mean geoid anomaly values for the Earth’s tectonic features provides a way to 

quantitatively assess the upper mantle geoid anomaly and its tectonic significance.  A plot of the 

relationship between elevation and the complete geoid anomaly (Figure 2a) substantiates the poor 

correlation between the complete geoid and the Earth’s tectonic provinces. The scatter in the complete 

geoid anomaly for the areas considered in each of the four province types is significant, typically 

greater than 60 meters.  In contrast, the upper mantle geoid anomalies for the four tectonic provinces 

are much more tightly clustered (Figure 2b).  We note that the high average elevation of the Andean 

  



region of South American and the Tibetan Plateau in Asia breaks up the clustering of the deforming 

continental locations in an elevation framework.   

 

Several general conclusions can be drawn from Figure 2b.  The global average for stable near-sea-level 

continental regions (cratons) is very close to zero, implying a near-neutral potential energy state that 

supports the notion that near-sea-level continental lithosphere is a viable candidate for tectonic 

reference state (see further discussion on this topic below).  The difference in the upper mantle geoid 

anomaly average the mid-ocean ridges (~3 meters) and the oceanic basins (~-5 meters) indicate that, on 

average, the geoid drop from the ridge crest to the oceanic basins is about 8 meters, corresponding to a 

decrease in the geoid anomaly with age for ocean lithosphere cooling over 84 Ma of about 0.15 mMa-1 .  

This geoid drop establishes a ridge force of 2-3x1012 N/m that agrees well with numerical theory (e.g., 

see discussion in Turcotte and Schubert, 2014).  The average upper mantle geoid anomaly for elevated, 

tectonically deforming continental lithosphere (~7 meters) is nearly equivalent to the ridge-to-oceanic 

basin geoid drop, which has important tectonic implications.  This equivalency demonstrates that, from 

a potential energy perspective, the compression in continental regions expected from the ridge-push 

force can be counteracted by the extensional stresses generated by elevated and deforming continental 

lithosphere.  

 

For illustrative purposes, the relationship between the upper mantle geoid and topography along the 

two profiles is shown in Figure 3. Along both profiles, geoid anomalies greater than ~±10 meters are 

significant departures for the mean.  Some general observations for the oceanic regions include: 1) the 

upper mantle geoid anomaly corresponding to the northern mid-Atlantic Ridge is in the range of 10 to 

12 meters and about 6 meters across the continental margins on both sides of the Atlantic, which is 

consistent with numerical predictions (e.g., Turcotte and Schubert, 2014); 2) There appears to be an 

inverse correlation between the spreading rate of the ridge axis and the magnitude of the upper mantle 
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geoid anomaly, which is presumably related to the mantle dynamics at the ridge crests; and 3) While 

the geoid signature for the mid-ocean ridges can be as high as +15 meters (e.g., across the northern 

Mid-Atlantic Ridge) – consistent with 1d models of the density distribution – we note that other ridge 

segments have considerably smaller geoid anomalies (e.g., the southern Mid-Atlantic Ridge along 

profile C-D). In the continental regions, the upper mantle geoid for stable cratonic regions approaches 

the average value of the mid-ocean ridges (within one sigma of the mean).  Several continental features 

have large positive geoid signals that are of similar magnitude to the ridges; most proximately, 

Yellowstone, South Africa, the Andes and the East African Rift.  Stable cratonic regions along the 

profiles have a geoid anomaly generally less than 2 meters.   The upper mantle geoid for the major 

elevated continental plateaus (e.g., Western U.S., Tibet, and South Africa) exceeds 10 meters, 

consistent with the extensional stress state in these regions. The largest negative continental geoid 

anomaly is associated with the Congo Basin. The Congo Basin contains the only compressional 

earthquakes in the continental interior of Africa (Delvaux and Barth, 2010; Craig et al., 2011) is 

evidence of the important role played by gravitational potential energy in controlling stress regimes in 

the intra-continental regions. Finally, while some hotspots appear to be associated with distinct upper 

mantle geoid highs (e.g., Hawaii, Yellowstone and Afar), others appear to be associated with broader 

geoid anomalies, or have no apparent correlation with geoid anomalies.  Iceland, for example, is part, 

but not the center of, the large North Atlantic geoid high. From a spectral perspective, the upper mantle 

geoid presented in Figure 1b highlights anomalies that have shorter wavelength signal (both spatially 

and in depth) and are more likely to have their source in the upper mantle.  It is possible that the mantle 

geoid anomalies may be indicative of small-scale convection in the upper mantle, which correlate with 

larger-scale, deeper convection associated with hotspots.    

 

THE GEOID STEP ASSOCIATED WITH RIDGES AND CONTINENTAL MARGINS 

An evaluation of the geoid step across the ridges and passive continental margins provides information 

  



about the gravitational potential energy that generates intra-lithospheric tectonics forces and helps 

constrain the magnitude of the intraplate stresses.  The geoid steps across 139 ridge profiles and 167 

passive continental margin profiles for the upper mantle geoid (Figure 4a) were extracted to determine 

the composite geoid step.  Each ridge profile extends ±45 m.y. about the ridges to capture as many 

ridges as possible globally, and hence as much oceanic lithosphere as possible. The continental margin 

profiles were constructed every 3° along passive continental margins worldwide, with each profile 10° 

in length, centered on the margin.  The average geoid step associated with the ridges (Figure 4b) is 4.5 

meters over ±45 m.y., a step that is consistent with the ±10 meter anomaly for the Atlantic over ±120 

m.y. and corresponds to a ridge push force of 2-3x1012 N/m (consistent with the estimates of Haxby 

and Turcotte, 1978). The geoid step between the ridge crest and the oceanic basin (typically 80 m.y.) is 

therefore about 9 meters – in good agreement with the global average step of 8 meters shown in Figure 

2. The composite average for the passive continental margins is ~6 meters (Figure 4c), or about 2/3 of 

the ridge-push potential energy step.  These steps have the tectonic implication that for a typical 

continent, the compressional “ridge push” force generated by the cooling oceanic lithosphere will be 

significantly reduced by the extensional stresses generated by the density anomaly associated with the 

passive continental margins. We note there is considerable scatter in the individual profiles (the light 

gray lines shown in Figure 4b and 4c), which reflects the fact that ridge and passive continental marins 

anomalies in the upper mantle geoid are not uniform along the ridge crest or margin boundary.  For 

example, pronounced asymmetry is present along both the Northern and Southern Mid-Atlantic ridges. 

Clearly other long-wavelength density anomalies (possibly as shallow as 200 km – see discussion in 

French el al., 2013) are influencing the upper mantle geoid signal. 

 

COMPARISION WITH THE COOLING OCEANIC LITHOSPHERE MODEL  

In the plate tectonics paradigm, the lithospheric plates are the surface manifestation of large-scale flow 

in the mantle, with convection of the mantle primarily controlled by thin thermal boundary layers 
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(Turcotte and Oxburgh, 1967). Plate tectonics has seen its greatest success in the explanation of the 

thermal evolution and dynamics of the oceanic plates. To a very good approximation the bathymetry of 

the ocean floors increases with square root of the age of the ocean floor (at least for ocean lithosphere 

younger than about 80 Ma), and the corresponding decrease in the heat flow with the square root of age 

gives rise to the well-established age-bathymetry-heat flow relationship for the cooling oceanic 

lithosphere. The density structure of the cooling oceanic plate can be computed using observed seafloor 

depth, surface heat flow and geoid height data (see detailed discussions in Parsons and Sclater, 1977; 

Stein and Stein, 1992; McKenzie et al., 2005; Grose and Afonso, 2013) and provides a way to compute 

the resulting “ridge push” force with a high degree of fidelity.  The computed geoid derived from the 

cooling oceanic plate model (using the physical parameters from the GDH1, Stein and Stein, 1992) and 

the global crustal age data is shown in Figure 5a. The geoid drop from the ridge crest to the deep 

oceanic basin is about 12 meters with gradients correlating with spreading rate (e.g., steeper gradients 

along the mid-Atlantic ridge as compared to the Indian and East Pacific ridges).   For comparison, the 

upper mantle geoid for the oceanic regions is shown in Figure 5b.  Whereas the geoid associated with 

the cooling plate model is uniform along the ridge crests, the upper mantle geoid exhibits a large 

number of long wavelength features along the ridge segments that reflect upper mantle density 

variations and are presumably associated with upper mantle convection.  There is good agreement 

between the two geoid fields (Figure 5c) along many ridge segments, including the Southeast Indian 

ridge, the southern Mid-Atlantic ridge below about 40°S, most of the African plate ridge system, and 

along the Northern Mid-Atlantic Ridge north of 45°N.   The difference between the cooling oceanic 

plate geoid and the upper mantle geoid is large along many other ridge segments.  For example, along 

most of the East Pacific Rise the upper mantle geoid is almost 10 meters less than the geoid derived 

from the cooling oceanic plate model.   Similarly, along the Northern Mid-Atlantic ridge at 35°N and 

the Southern Mid-Atlantic ridge around 40°S, the difference approaches +5 meters.  There is generally 

good agreement between the two geoid fields throughout the deep ocean basins (except at hotspot 

  



locations, such as the Hawaii, where the difference between the two geoid fields can be as great as 12 

meters).  In contrast to other oceanic areas, the geoid height in the southeastern Pacific does not appear 

to decrease with age with a small drop (< 2 meters) – a feature noted by Sandwell and Schubert (1980), 

among others. We note that the geoid differences shown in Figure 5c have a long spatial wavelength 

(generally > 5000km) suggesting that the source is widely distributed in the upper mantle. We note that 

the geoid is well resolved at these wavelengths (with the signal not “smeared” or distorted such that 

features would be better defined at higher resolutions).   

 

IMPLICATIONS FOR THE AMBIENT STATE OF STRESS IN THE CONTINENTS  

The Africa plate provides an ideal location to evaluate the ambient lithospheric state of stress in a 

continental plate given its unique boundary geometry of being nearly completely surrounded by mid-

ocean ridges (Coblentz and Sandiford, 1994). Evaluation of the state of stress in Africa is not 

complicated by boundary forces and is the product of upper mantle/lithospheric density forces arising 

from a combination of intraplate tectonic forces (e.g., ridge push from the cooling oceanic lithosphere) 

and basal tractions (e.g., upper mantle convection – see discussion in Lithgow-Bertelloni and Silver, 

1998; Moucha and Forte, 2011).  There is strong evidence that much of Africa’s tectonic evolution 

(including the present-day high topography of the East African Rift and the South African plateau) is 

driven by buoyancy forces in the mantle (Lithgow-Bertelloni and Silver, 1998; Moucha and Forte, 

2011), and examination of the upper mantle geoid can help refine our understanding of the density 

distributions responsible for this dynamic topography.  The mean stress magnitudes (averaged over a 

100km-thick lithosphere) for the African plate are shown in Figure 6.  The stresses were computed 

using a finite-element analysis of a lithospheric shell under traction from the gravitational potential 

energy forces associated with the upper mantle geoid (see Coblentz and Sandiford (1994) and 

Humphreys and Coblentz (2007) for a discussion of the finite element approach). For comparison, the 

average σ1 (maximum compressive stress) for three cases of the ridge-push force formulation are 
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considered:  1) a ridge crest boundary force of 2.5x1012 N per meter of ridge segment, 2) forces derived 

from the gradient in the geoid derived with the cooling oceanic lithosphere model (based on seafloor 

depth and crustal age data – Figure 5a); and 3) forces derived from the gradient of the upper mantle 

geoid (Figures 1b and 5b).  The net torque acting on the plate for the geoid gradient formulations (in 

1.5 and 2.5 x1025 Nm) are less than half of the net torque for the ridge crest case (~5 x1025 Nm), 

suggesting that the a formulation the captures the geometry of the young oceanic lithosphere is more 

closely in a state of mechanical equilibrium and therefore more closely approximates the ambient state 

of stress.  The ridge crest formulation is an oversimplification of the ridge push force (Richardson and 

Cox, 1984), and therefore the predicted magnitudes of σ1 for this formulation (25 MPa in the oceanic 

basins and 15 MPa in the elevated continental regions) are overestimated of the compressive stress 

generated by the ridge push force.  Computing the stresses using the geoid gradient is more viable 

formation and both the cooling oceanic plate model and the upper mantel geoid predict average 

compressive stresses in the range of 5 to 10 MPa in the oceanic basins, which are reduced by about a 

third in the continental regions. Ridge push based on the upper mantle geoid (which captures other 

subtleties in the upper mantle density structure which we are difficult to explicitly include in a 

numerical model of the intraplate stress field) results in a predicted state of stress in the continental 

lithosphere that is neutral to slightly compressive and is more consistent with observation (e.g., Zoback 

and Mooney, 2003).  

 

The fact that the ambient state of stress in the continental lithosphere is near-neutral has important 

implications for understanding the sources of intraplate tension. This prediction differs significantly 

from other investigators' assumptions that the state of stress within the continents is dominated by 

stresses transmitted from the mid-ocean ridges and is therefore expected to be compressional with 

magnitudes in the range of 10-20 MPa averaged over the thickness of the lithosphere (e.g., Crough, 

1983; Houseman and England, 1986; Zoback, 1992). In the case of Africa, we find areas of high 

  



elevation and a thin mantle lid (East African rift and South Africa) to be in a state of tectonic extension, 

which is consistent with the observed stress regime in these areas and indicative that the high elevations 

in Africa (and presumably elevated continental regions in other plates) is the result of density moments 

that exceed the potential energy of the surrounding mid-ocean ridges (Bird et al., 2006). Furthermore, 

we find that deviatoric stresses associated with upper mantle geoid (and therefore potential energy 

gradients) are in the range of 2-6 MPa - consistent with the recent work of Stamps et al. (2010, 2014) 

which found similar results using the thin viscous sheet approach for predicting the African intraplate 

stresses. 

 

DENSITY SOUCES OF THE UPPER MANTLE GEOID 

Given the important role that density variations in the uppermost mantle play in lithospheric 

geodynamics, it is of interest to constrain the depth of the density distributions that control the upper 

mantle geoid. The fact that the geoid height anomalies for isostatically compensated regions can be 

directly related to the local density dipole moment can be used to evaluate the subsurface distribution 

of mass associated with various surface features.  Because the geoid reflects the gravitational dipole 

moment it is more sensitive to deeper sources than the gravity field, a consequence of the fact that the 

geoid anomaly observed at the surface caused by a point mass buried at depth d decreases in amplitude 

as 1/d, whereas the gravity anomaly of the same point mass decays as 1/d2.  This relationship makes the 

study of geoid anomalies much more useful for evaluating the depth of isostatic compensation. The 

geoid has been used extensively in oceanic settings to evaluate the support mechanisms for oceanic 

plateaus and swells (Cserepes et al., 2000; Marks and Sandwell, 1991; Sandwell and Mackenzie, 1989; 

Sandwell and Renkin, 1988).  On the continents, use of the geoid has seen somewhat fewer application, 

in large part due to lack of a consensus on the basic physical processes responsible for the first-order 

density structure of continental crust (Brown and Rushmer, 2006), particularly when compared to the 

well-understood thermal/density evolution of oceanic lithosphere. Nevertheless, evaluation of the 
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continental geoid has been used to deduce regional tectonic stresses from the variations of gravitational 

potential energy (Coblentz et al., 1994; Jones et al., 1996; Sandiford and Coblentz, 1994; Sonder and 

Jones, 1999; Zhou and Sandiford, 1992), and to constrain deep continental structure as well (Doin et 

al., 1996; Ebbing et al., 2001).   

 

One way to understand the source of the upper mantle geoid anomalies associated with the tectonic 

features is to evaluate how individual harmonic degrees sum to form the total geoid anomaly. 

Following the approach of Bowin (1983, 2000a, b) we use a modified Cumulative Contribution Curve 

(CCC) to examine the relative degree/order contribution to the geoid anomaly. In the original 

formulation, the CCC curve for a given degree included the harmonic components for that degree and 

all lower degrees.  Here, we compute the "Cumulative Reduction Curve” (CRC) where the harmonic 

contribution for each degree is computed as the total contribution from that degree up to degree 500.  

Essentially, the CRC approach works from the bottom up, progressively eliminating the contribution 

from lower degrees in the expansion. It is important to emphasize that the anomaly corresponding to a 

particular degree/order is not localized in any way.  That is, the global geoid field for a given 

degree/order has been computed and the anomaly at a point of interest is evaluated to establish the 

point on the CRC curve. There is no spatial selection about the point of interest and the long 

wavelength information in the geoid field is preserved.  The CRC curves for a number of tectonic 

settings are shown in Figure 7. A common feature of the CRC curves is the “red” character of the geoid 

power spectra (Bowin, 1983), with very large contribution to the geoid anomaly from low degrees (< 

10). Evaluation of the differences in the power spectra at mid-mantle depths (1000 to 600 km) for 

various tectonic settings provides a way to evaluate the density variations with depth beneath the 

locations.  The salient conclusions that can be drawn from examination of Figure 7 include: 

 

1. Hotspots and Plumes (?):  The relationship between mantle plumes and hotspots and the geoid 

  



remains contentious and the subject of considerable debate. Iceland, Yellowstone, and Hawaii 

are arguably the “classic” hotspots on Earth.  The geoid anomaly associated with each of these 

three hotspots is, however, strikingly different: Iceland has a non-center location at the 

intersection of the North Atlantic geoid high and the spreading ridge (Figure 1b); Yellowstone is 

centered in the geoid high of the North American plate and the plume associated with 

Yellowstone is thought to have a profound influence on the Western U.S. tectonics (Parsons et 

al. 1994); Hawaii is located at the tip of a lens-shaped geoid high in the Pacific plate. The CRCs 

shown in Figure 7a illustrate differences in the source depth of the upper mantle geoid between 

the three hotspots and provides a comparison with the “super plume” of South Africa.  The 

harmonic degree contribution to the upper mantle geoid of Iceland might be as expected from a 

“classic” hotspot.  Namely, the maximum geoid originates with the lowest harmonic degree and 

falls off rapidly with increasing harmonic degree. This character is suggestive of very deep 

density contrasts, presumably associated with the lower mantle origin of the geoid high in the 

North Atlantic.  This contrasts interpretations of tomographic images that show a strong low 

seismic wave velocity anomaly only in the upper mantle below Iceland (Montelli et al., 2004), 

interpreted as an upper mantle origin of the Iceland melting anomaly. Both Yellowstone and 

Hawaii have an upper mantle geoid peak at a harmonic degree of 8, which corresponds to a 

source depth of about 900 km. This is consistent with studies of seismic wave velocity 

anomalies for Yellowstone that suggest the presence of a low velocity anomaly at shallow upper 

mantle depths that is not imaged continuously into the deep mantle (Tian et al., 2009; Yuan and 

Dueker, 2005), and Hawaii where the presence of low velocity material has recently been 

imaged in the upper mantle below Hawaii, and mid-mantle depths west of Hawaii (Cao et al., 

2011; Wolfe et al., 2009).  We note that in contrast to Yellowstone, the Hawaiian hotspot has a 

significant geoid anomaly of 10 meters (50% of the peak anomaly) up to harmonic degree 65 

(which corresponds to a source depth of about 100 km).  This is indicative of significant 
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shallow density contribution to the Hawaiian geoid. The geoid associated with the African super 

plume - considered to be the largest discrete structure in the Earth's interior (Ni and Helmberger, 

2003) – is about half the magnitude of the Hawaiian and Yellowstone hotspots and has a 

significant component in the lower- and mid-mantle.  This deep mantle source for the geoid is 

consistent with the interpretation that Southern Africa's high topography is dynamically 

supported by mantle flow induced by the density variations (Lithgow-Bertelloni and Silver, 

1998, Bird et al., 2006).  The other hotspots have little or no expression in the upper mantle 

geoid, supporting the notion that the Hawaii, Iceland and Yellowstone hotspots are unique and 

are quite unlike the other global hotspots (King and Adam, 2014). 

 

2. Continental Orogenic Systems: The harmonic distribution of the upper mantle geoid associated 

with the orogenic systems shown in Figure 7b is remarkable similar to the hotspots discussed 

above, and suggests that density variations associated with dynamic processes in the upper-

mantle have an important influence on the geoid anomaly.  This is certainly true for the 

Southern Rocky Mountains, where Neogene mantle convection has driven long-wavelength 

surface deformation and uplift on the order of 500–1000 m, which may account for almost half 

of the current elevation of the region (Karlstrom et al., 2012). We note that the geoid anomaly 

for the Andes is similar in character to the Icelandic geoid and is consistent with very deep 

density sources.  The lithospheric contribution to the geoid anomaly of the Andes is about 45 

meters, which corresponds to a very high geoid-to-elevation ratio of about 10 m/km that is 

indicative of dynamic support from sub-lithospheric sources such as mantle return flow (in this 

case, likely associated with Nazca-South American subduction zone). The harmonic distribution 

below Tibet is negative in the range of ~30-60 degrees (shallow upper mantle), which likely 

reflects the subducted Indian plate that has been imaged in the upper mantle (Li et al., 2008; 

Zhang et al., 2014). 

  



 

3. Continental Interiors: As discussed above, the upper mantle geoid anomaly is sensitive to mass 

variations at the base of the lithosphere (Doin et al., 1996) and a large geoid low is expected 

over continental shields.  This is quantified in Figure 7c which illustrates the upper mantle 

geoid over cratonic regions can be as great as -40 meters, as in the case of North America where 

a large negative anomaly at mid-to lower-mantle depths is associated with the sinking Farallon 

slab.  The Congo Basin (along with the Tarim Basin in Asia) has the most negative upper 

mantle geoid anomaly observed in the continental interiors. The Congo Basin is a deep cratonic 

basin, with sediment thicknesses up to 9 km (Laske and Masters, 1997). Its origin is debated 

(Buiter et al., 2012), and models for its formation include slow rifting (Crosby et al., 2010; 

Kadima et al., 2011), dynamic topography caused by a high density lithospheric body (Downey 

and Gurnis, 2009), and upper mantle flow processes (Burke et al., 2008; Crosby et al., 2010; 

Forte et al., 2010; Moucha and Forte, 2011). We note that the upper mantle geoid of the Congo 

Basin has significant spectral power up to degree 20. This evidence for a strong source from 

shallower depths suggests a significant contribution from density variations associated with 

down welling in the upper mantle (Moucha and Forte, 2011).   

 

4. Oceanic Regions: The contrast in the upper mantle geoid between the mid-ocean ridge crest and 

the deep ocean basin for both the North Atlantic and the Pacific is illustrated in Figure 6d. In 

both cases, the difference in the geoid between the ridge and oceanic basin is in the range of 15 

to 25 m, consistent with the 10 meters predicted by 1d estimates (Turcotte and Schubert, 2014). 

As noted by Turcotte and McAdoo (1979), the upper mantle geoid of the oceanic basins is 

comparable to the continental cratons, although the spectral power of the oceanic geoid 

attenuates at low harmonic degree (~10) in comparison to the continental cratons.  As expected, 

the slow spreading northern Mid-Atlantic Ridge, where ±120 Ma crust is at ~±30o has important 

 21 



contributions at lower degree, while the fast-spreading East Pacific Rise, where ±30Ma crust is 

at ~±25o, has peak contributions at order 9. 

 

IMPLICATIONS FOR THE LITHOSPHERIC REFERENCE STATE 

Neglecting local flexural effects, the distribution of stress within continents is a function of tectonic 

forces acting along the plate boundaries, tractions acting along the base of the plate, and intraplate 

variations in the lithospheric gravitational potential energy which set up force gradients across the 

continents, and between continents and adjacent ocean basins (Coblentz et al., 1994; Lithgow-

Bertelloni, C., and J. H. Guynn, 2004; Heidbach et al., 2006; Ghosh et al., 2009). Because the upper 

mantle geoid is influenced by density gradients both within the lithosphere and in the sub-lithospheric 

upper mantle (in response to upper mantle convection), it can be used to refine our understanding of the 

tectonic reference state.  The tectonic reference state is defined as the lithospheric structure that is 

potential energy balance with the global potential energy mean.  Thus, difference between the potential 

energy (and the geoid) of a lithospheric column and the reference state determines whether the column 

is in an extensional, neutral, or compressional state of stress.  Originally, the close correspondence 

between the mean gravitational potential energy of the continents and that of the mid ocean ridges 

(Dahlen, 1981; Doin and Fleitout, 1996; Doin et al., 1996) was used to define the reference lithospheric 

density column and evaluate the “ambient stress” state within plates (Coblentz and Sandiford, 1994).   

 

In addition, because the mid-ocean ridges inherently have little strength, they provide a useful reference 

frame for the neutral stress state within plates.  The observation that the average upper mantle geoid 

anomaly of continental cratonic regions is near-zero (~0.29 meters) suggests that in the absence of 

other tectonic forces (e.g., ambient conditions), the continental in-situ stress state will be close to 

neutral. This is confirmed in the case of Africa, where the average σ1 in the continental regions is 

observed to be near-neutral (2 MPa, ±3MPa). It has often been assumed that the reference continental 

  



lithosphere is in potential energy balance with the mid-ocean ridges (e.g., Turcotte, 1983 and Crough, 

1983), and elevated continental lithosphere is observed to exceed the potential energy of the mid-ocean 

ridges (Figure 2b).  Establishing the elevation of the deformed lithospheric (relative to the lithospheric 

structure of the reference column) has long been a subject of great interest (Sandiford and Powell, 

1990) and evaluation of the upper mantle geoid provides a way to revisit this issues. Plotting the upper 

mantle geoid anomaly as a function of the elevation of the continental lithosphere (Figure 8) indicates 

that continental lithosphere with an elevation of about 750 meters is in geoid (and potential energy) 

balance with the mid-ocean ridges.  This relationship suggests that continental regions with an 

elevation greater than a few hundred meters will be in a state of deviatoric tectonic extension, which is 

consistent with recent evaluations of the intraplate stress field (Zoback and Mooney, 2003). It should 

be noted that the elevation of continental lithosphere in potential energy balance with the mid-ocean 

ridges derived using the upper mantle geoid is in good agreement with the elevation estimates (~940 

meters) derived using a first-order Airy isostatic model (Coblentz et al., 1994).  The fact that two 

independent approaches arrive at very similar crustal elevation estimates for the reference lithospheric 

column argues favorably for the robustness of our conclusions. 

 

DISCUSSION  

In this contribution, we have exploited the relationship between the geoid and gravitational potential 

energy to evaluate and refine our estimates of the lithospheric stress state. Using filtering to extract the 

upper mantle geoid, we are able to evaluate lithospheric and upper mantle influences on the stress field.  

This approach allows us to revised estimates of the mean potential energy state of the lithosphere, 

which heretofore have been based on an assumption of Airy compensation (e.g., Coblentz et al., 1994).  

We confirm the near-neutral state of stress for stable continental lithosphere with elevations less than a 

few hundred meters and the geoid equivalence of continental lithosphere with an elevation of 750 

meters with the mid-ocean ridges.  This latter equivalence has important tectonic implications.  
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Because variations in gravitational potential energy are a principal contributor to the intraplate stress 

field and lithospheric deformation seeks relaxation of deviatoric stresses, it has been argued (Sandiford, 

2010) that the structure of typical undeformed continental lithosphere (surface elevation of around 0.5–

1 km above sea level, average crustal thickness of about 40 km, and a total lithospheric thickness of 

about 125 km) is not a fortuitous geometry but rather the result of a potential energy “attractor state” 

for the continental lithosphere.  In this framework, the potential energy balance between the continents 

and the mean potential energy of the oceanic ridges drives continents to this average (or reference) 

structure.   Our confirmation that continental lithosphere with an elevation of about 750 meters is in 

potential energy balance with the global average of ridge geoid lends credibility to this hypothesis and 

argues favorably that the mean ambient stress state in the continents is tuned to the stress state of the 

mid-ocean ridges.  In aggregate, the results and discussion above support the notion that the Earth’s 

tectonic plates are best viewed as “active” rather than “passive” entities.  In the original plate tectonics 

paradigm, the plates were passive; driven by external forces with deformation limited to their edges.  It 

is our conclusion that a better view is one in which the plates are “active” in the sense that the plate 

themselves are actively involved in the generation of the forces controlling the intraplate stress field (in 

the form of potential energy variations) and accommodation of the resulting strain field as manifested 

by the “attractor” state of the reference lithospheric geometry. Within Don Anderson’s framework of 

“Top-Down Tectonics” our results support the notion that “shallow” density variations in the upper 

mantle have a strong correlation with many surface tectonic features and have an important influence 

on the intraplate stress field.  
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FIGURE CAPTIONS 

 

Figure 1: A) The complete (unfiltered) geoid height anomaly, relative to WGS 84 Ellipsoid, based on 

the EGM2008 model (degree/order up to 2159). B) Upper mantle geoid anomaly derived from a 

harmonic filter passing coefficients between degree/order 9 and 355 with a cosine taper between 

degree/order 6-9 and 355-360.  See text for details.  Black contour line designates a upper mantle geoid 

height of 0 m; note this contour is roughly conformal to sea level for the continents. Open circles are 

hotspot locations (Anderson and Schramm, 2005). 

 

Figure 2:  The correlation between elevation and the geoid anomaly for (A) Complete Geoid and (B) 

The upper mantle geoid (Figure 1b). The averages and one standard deviation about the mean for a 

number of locations within the oceanic basins (blue), mid-ocean ridges (red), passive continental 

margins (green), cratons (tan) (here defined as continental regions that have remained stable since the 

Archaean and the Proterozoic), and deforming continental regions (brown) (here defined as elevated 

continental lithosphere of Mesozoic-Cenozoic age, Prodehl and Mooney (2012)). Whereas there is 

considerable scatter within the four provinces from complete geoid (A), the distributions for the upper 

mantle geoid (B) show a high degree of coherence. Numerical Index: Oceanic Basins (1: Africa, 2: S. 

Atlantic, 3: N. Pacific, 4: S. Indian Ocean, 5: N. Atlantic); Ridges (1: N. Mid-Atlantic Ridge, 2: S. Mid-

Atlantic Ridge, 3: Southeast Indian Ridge, 4: East Pacific Rise, 5: South-East Pacific Rise); Continental 

Margin (1: NAM, 2: AFR, 3: IAP, 4: SAM); Stable Continental Craton (1: India, 2: N. America, 3: 

Siberia, 4: S. America, 5: Australia, 6: Europe, 7: Africa); and Deforming Continent (1: Europe, 2: S. 

Africa, 3: S. America, 4: W. North America, 5: Asia) 

 

Figure 3: The topography of the Earth (A) and the upper mantle geoid (B) plotted with a Mollweide 

projection. The relationship between the topography and the upper mantle geoid along two profiles are 
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shown in (C) and (D).  Profiles were chosen to follow great-circle paths that cross tectonic features of 

interest (ridges, hotspots, continental orogenic systems, passive continental margins, and basins). Upper 

mantle geoid values that exceed ±10 meters are considered to be large anomalies for the purpose of 

comparison. 

 

Figure 4:  A) Location of 139 ridge profiles (48 in the Mid-Atlantic, 9 in the South Atlantic, 48 in the 

Indian Ocean, and 34 in the Pacific Ocean) and 167 profiles located every 3 degrees along passive 

continental margins worldwide.  The ridge profiles extend to ±45 Ma so that data from different oceans 

can be combined.  Each continental margin profile is 10 degrees long, centered on the margin.  The 

composite step in the upper mantle geoid (here the geoid signal was passed for degree/order 3 to 80 to 

extract the long wavelength signal) for the global ridges (B) and the continental margins (C). The gray-

shaded lines illustrate the individual profiles and the red line is the composite average. The global 

average geoid ridge anomaly is 4.5 meters over ±45 m.y., consistent with the ±10m anomaly for the 

Atlantic over ±120 m.y., corresponding to a ridge force of 2-3x1012 N/m. The average for the passive 

continental margins indicates a geoid anomaly of about 6 meters. 

 

Figure 5: A) The cooling oceanic lithosphere geoid derived from the thermal model discussed in the 

text.  B) The upper mantle geoid from Figure 1b.  There is considerable variation in the geoid along the 

ridge crests and within the ocean basins indicative of complex upper mantle density anomalies. C) The 

difference between (A) and (B) - red colors designate regions where the upper mantle geoid exceeds 

the geoid associated with the cooling oceanic lithosphere. The observed upper mantle geoid, while 

more complicated than the simple cooling plate geoid, still clearly shows a ridge signature.  The long 

wavelength differences from the simple cooling plate geoid are presumably associated with mantle 

convection. 

 

  



Figure 6: The mean σ1 (maximum compressive stress) for three cases of the ridge-push force 

formulation: 1) Ridge crest boundary force of 2.5x1012 N/m; 2) Gradient of the geoid derived from the 

cooling oceanic plate model; and 3) Gradient of the geoid derived from the upper mantle geoid. 

Positive and negative mean stress magnitudes correspond to extension and compression, respectively. 

Error bars represent 1 standard deviation about the mean value. The blue numbers list the net torque 

acting on the plate for each case. 

 

Figure 7: Upper mantle geoid cummulative reduction curves (CRC) for a number of  hotspot, elevated 

plateau, continental interiors, and oceanic basin locations. As discusssed in the text, the geoid for each 

spectral degree was computed for that degree to degree 500, effectively applying high-pass filter to the 

geoid (Bowin, 2000). Italic and bold number indicate spectral degree and equivalent point source 

depth, respectively. Numerical index: A. Hotspot/Plumes (1: Yellowstone, 2: Hawaii, 3: Iceland, 4: 

South Africa); B. Continental Orogenic Systems (1: Southern Rockies, 2: Colorado Plateau, 3: Tibet, 4: 

Andes); C. Continental Interiors (1: Brazilian Craton, 2: Central Australia, 3: North America, 4: Congo 

Basin); and D. Oceanic Regions (1: East Pacific Rise, 2: Pacific Basin, 3: Northern Mid-Atlantic 

Ridge, 4: Atlantic Basin). 

 

Figure 8: The average global upper mantle geoid anomaly for continental lithosphere plotted as a 

function of elevation. The average geoid was computed for a ±100 meter elevation window about each 

elevation point (5-arc-minute spatial resolution) - error bars are ±1 σ about the mean. Blue- and green-

filled circles are continental margin, an elevated continental locations, respectively. Dashed line 

designates the global geoid anomaly average (~3 meters) for cooling oceanic lithosphere younger than 

10 m.y. (which defines the young ridge segments) and the average geoid for elevated continental 

lithosphere greater than 2000 metere elevation (10.1 meters).  The vertical blue and red lines designate 
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the elevation value for continental lithosphere corresponding to a zero geoid anomaly (~350 meters) 

and the geoid anomaly for the global ridge average (~750 meters), respectively. 
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